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ABSTRACT

In two recent papers, the authors reported on numerical simulations of conditionally unstable flows past
an idealized mesoscale mountain ridge. These idealized simulations, which were performed with a three-
dimensional, explicitly cloud-resolving model, allowed the investigation of simulated precipitation charac-
teristics as a function of the prescribed environment. The numerical solutions were carried out for a uniform
wind flowing past a bell-shaped ridge and using an idealized unstable sounding with prescribed values of the
relevant parameters.

In the present work the application of these theoretical results to observed cases of orographically forced
convective rainfall including the Big Thompson flood (1976, Colorado), the Oahu flood (1974, Hawaii), and
the Gard flood (2002, France) is reported. Specifically, numerical simulations have been carried out using
observed and idealized soundings relevant to these cases but with idealized topography. It is found that using
the observed soundings, but with idealized constant-wind profiles, the simulated rain rates fit reasonably well
within the previous theoretically derived parameter space for intense orographic convective rainfall. How-
ever, in order to reproduce larger rainfall rates, in closer agreement with observations, in the first two cases it
was necessary to initialize the sounding with a wind profile characterized by low-level flow toward the
mountain with weak flow aloft (as observed for the across-mountain wind component). For the Gard case, the
situation was more complex and it is found unlikely that the situation can be reduced to a simple two-di-

3039

mensional problem.

1. Introduction

Orographic precipitation results from a complex
combination of different scales of motion: moist, large-
scale flow; mesoscale orographically induced lifting; and
small-scale processes such as convection, turbulence, and
microphysics (Rotunno and Houze 2007). While the
orographic precipitation problem in stable and neutral
atmospheric conditions is fairly well understood, the
problem in the unstable case is still far from being solved
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and presents significant challenges to the successful nu-
merical prediction of this kind of event.

The occurrence of heavy-rain convective events over
complex orography is well documented in different parts
of the world (see Richard et al. 2007 for a review). How-
ever, the timing, evolution, and location of these events
can differ greatly from case to case; for example, the
heaviest concentration of rainfall may affect the foothills
(Caracena et al. 1979), the region just upwind (Delrieu
et al. 2005), or even the downwind side (Schroeder 1977)
of a mountain ridge; in addition, the flow can be deflected
by mountain chains or channeled by gaps (Buzzi and
Foschini 2000).

Large rainfall amounts are generally associated with
the persistence of convective systems in a limited region
for several hours. In such systems, convective cells often
have trajectories that carry them over the same location
many times (Chappell 1986, p. 289). For this to occur,
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outflows from downdrafts either do not move away from
the heavy rain, or are not present with the depth nor density
difference to initiate cells in locations away from the af-
fected region (Davis 2001).

Orographic convective triggering and maintenance of
such systems has been proposed to occur through different
mechanisms—for example, orographic uplift (Yu et al.
2007), uplift over orographically blocked flow (Neiman
et al. 2002; Yu and Hsieh 2009), formation of areas of
convergence (Rotunno and Ferretti 2001), local conver-
gence at low-level-flow separation lines (Wang et al. 2000),
thermal forcing (Romero et al. 2000), and/or the remote
effects of mountain waves (Grossman and Durran 1984).
In some cases, the orography serves as a fixed lifting
mechanism to force moist flow to its lifting condensation
level and ‘““anchors’ the system. In addition, the com-
plex nature of the terrain may result in localized areas
of persistent convergence that repeatedly triggers con-
vection over the same locations (Kodama and Barnes
1997).

On the one hand, similarities have been detected in
the synoptic environments conducive to some disruptive
upslope convective events, such as a short wave aloft
combined with a postfrontal band of conditionally unsta-
ble air, and weak middle- and upper-tropospheric currents
(Pontrelli et al. 1999, their Fig. 25). On the other hand, the
importance of specifically mesoscale ingredients, such as
the moist and conditionally unstable low-level jets, has
been examined in particular cases of complex terrain to
assess their ability to focus deep convection over the same
area for several hours (e.g., the Gard flood over southern
France; see Ducrocq et al. 2008).

Identifying the conditions favorable for a statistically
stationary convective system over orography can be par-
ticularly difficult, as one can envision scenarios in which
deep convective cells do not concentrate their precipita-
tion in the same location. After their formation, cells may
move according to the wind aloft and thus produce rain in
another location, or, rather, a density current may develop
and trigger cells far from the mountain. In such cases,
convectively induced cold pools and outflows can be very
important for the propagation of convective systems and/
or to focus, together with the orography, convective-cell
development in a confined area (Senesi et al. 1996; Romero
et al. 2000). A better understanding of the problem first
requires the identification of the most important environ-
mental variables. In an attempt to find those parameters
in a simplified theoretical context, the authors (Miglietta
and Rotunno 2009, hereafter MR09, and Miglietta and
Rotunno 2010, hereafter MR10) have recently reported
on a series of idealized three-dimensional explicitly cloud-
resolving simulations of conditionally unstable flow past
a two-dimensional ridge. The present study represents our
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attempt to apply those results to observed cases of in-
tense convective orographic rainfall.

As the analyzed events are generally very complex,
because of the three dimensionality of the flow and of
the topography, the time evolution of the synoptic sit-
uation, etc., we cannot expect to represent the observed
rainfall with the extremely simplified setup we used.
Rather, we have tried to apply the results of our previous
studies to three soundings—representative of the up-
stream conditions that occurred in heavy-rain events—that
are somewhat different from the Weisman and Klemp
(1982) profiles used in those papers in order to see to
what extent these cases are consistent with our theory.
We have also explored the sensitivity of the peak rainfall
to some of the nondimensional parameters considered in
our theory and the importance of an additional parame-
ter, the wind shear, which has not been considered up to
now.

In section 2 we review the theoretical background for
the current study. Section 3 recounts our attempts to
simulate several well-documented cases within the
present idealized context. Section 4 summarizes the
conclusions and outlines our view of the next steps to be
taken.

2. Theoretical background

As noted above, MR09 and MR10 have recently
reported on a series of three-dimensional numerical sim-
ulations of conditionally unstable flows impinging on a
two-dimensional mesoscale mountain ridge. The simula-
tions were performed with a three-dimensional explicitly
cloud-resolving model [Cloud Model 1 (CM1), release 8;
Bryan and Fritsch 2002] in order to investigate the sta-
tistically stationary (along-ridge averaged) features of the
solution precipitation characteristics. CM1 was selected
because it conserves mass and energy better than other
modern cloud models. Also, CM1 was designed spe-
cifically to do very large domain simulations using high
resolution and therefore has comparatively little memory
overhead.

MRO09 considered an archetypal sounding for convective
instability—the Weisman and Klemp (1982; WK) sound-
ing, with a uniform wind U flowing past a bell-shaped
ridge of height 4, and half-width a—and specified the
convective available potential energy (CAPE), down-
draft CAPE (DCAPE),’ level of free convection (LFC),
tropopause height A, and static stability N°. MR09 car-
ried out these numerical simulations by varying the

! DCAPE is a measure of the cold-pool buoyancy produced by
rainy downdrafts (see Gilmore and Wicker 1998).
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FIG. 1. Summary of the solutions obtained in MR09 and MR10.

different parameters associated with the sounding and
with the orography and then measured the convective
response in terms of along-ridge averaged rainfall location
and intensity.

Dimensional analysis of the results revealed that the
maximum nondimensional rainfall rate R,,,/p,sU (Rotunno
and Ferretti 2001; Miglietta and Rotunno 2006), where pys
is the saturation vapor density at the ground, mainly de-
pends on three nondimensional numbers. One is the ratio
of mountain height to the level of free convection A,,/LFC,
the second is the slope parameter 4,,,/a, and the third is the
ratio of an advective time scale 7, = a/U to a convective
time scale 7. = h,/(CAPE)"? (the time that convective
elements take to grow and produce rain at the ground).

With the benefit of tens of simulations, MR09 de-
veloped the following conceptual model for large con-
vective orographic rainfall: 1) 4,,/LFC should be greater
than a threshold value (in order to trigger convection);
2) 1,/7. should not be too large (~1-10) (in order to
generate a cold pool that will not propagate far away
upwind of the ridge); and 3) for given 7,/7. and h,,/LFC
larger than or approximately equal to 0.3, there is an
optimal range of 4,,/a (MRO09, their Fig. 15; MR10, their
Figs. 2 and 3). A summary of the solution features ob-
tained in MR09 and MR10 is shown in Fig. 1.

Subsequently, the work was extended (MR10) to take
into account further parameter variations that were not
considered in MRO09. Specifically, MR10 extended the
MRO09 analysis to cover larger regions of the thermody-
namic parameter space, in particular covering a wider

range of values of CAPE. MR10 found the precipitation
produced in low-CAPE, moderate-wind experiments does
not fit the functional dependence for rain rate amount and
location proposed in MR09; further analysis suggested that
two additional nondimensional parameters—DCAPE"/U
(which represents a measure of the propagation of
the downdraft-produced cold pool with respect to
environmental-flow advection) and NLFC/U (which es-
timates the deceleration of the environmental wind
induced by the cold pool)—should be taken into account.

To test the applicability of the above-described work,
we have performed a series of three-dimensional high-
resolution numerical simulations relevant to observed
cases of flooding-rain events using the same simplified
context as in our previous studies. The numerical setup
is the same as MR09 and MR 10, so we will refer to those
papers for further details and limit our description here
to the essential information. The domain is 320 km long
and 20 km wide with a horizontal grid spacing of 250 m;
the vertical extent of the domain is 20 km, with 59 levels
having a vertical grid spacing varying from 250 m close
to the ground to 500 m in the upper levels. The setup has
been chosen to carry out computations at reasonable
cost, without significant sacrifice of physical realism: for
example, the 20-km domain width was determined by
carrying out solutions for a smaller domain width and
then increasing it until no substantial changes were ob-
served in the solutions. The orography is prescribed by
a bell-shaped mountain, with small-amplitude irregu-
larities added in order to break the y symmetry of the
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initial condition and obtain a fully three-dimensional
solution. The random irregularities of the topography
may affect single-cell generation, but not the statistically
stationary fields, which are obtained after averaging in
the y direction and over a time window of 5 h (such
a period is long enough compared to the lifetime of the
individual cells). Thus, in this context, the effect of the
individual irregularities can be considered irrelevant.
The observed soundings, after some smoothing and
simplifications as discussed in section 3, are used to ini-
tialize CM1. Thus we will compare the simulations of
these observed cases of orographically forced convective
rainfall with the theory developed in MR09 and MR10.

Finally, as low-level flow toward the orography with
weak winds aloft is often present in cases of orographically
forced heavy convective rain, we will also perform addi-
tional experiments including such 2D wind profiles and
consider its effect on the simulated precipitation features.
However, for these latter experiments we have not yet
developed a theoretical background, since in MR09 and
MR10 we had so many parameters to consider that we
postponed the analysis of the effect of variable wind U(z)
to a future study. Thus, orographic-flow experiments with
the prototypal Weisman—Klemp sounding, but with typ-
ical wind profiles U = U(z), will be discussed in a fol-
lowing article.

3. Case studies

In the present section, different case studies with strong
orographic convection are analyzed and discussed in the
framework of the theory developed in MR09 and MR10.
These events, which occurred in different parts of the
world, show different characteristics and have been thor-
oughly documented because of their impact. Here, we try
to see how far we can go toward simulating them within the
present simplified context.

The present endeavor presented several challenges.
Generally, the meteorological situation is nonstationary
and spatially varying and the topography is three dimen-
sional; thus, the idealization of using a single sounding
upstream of a two-dimensional mountain can be an over-
simplification of the problem. However, even if one stip-
ulates the applicability of a single sounding, the results can
still be quite sensitive to what may appear to be minor
variations in the sounding. Herein we present an account
of our attempts to use real soundings with simplified orog-
raphy to see if one can describe at least the gross features of
observed orographic convective heavy-rain events.

In the observed cases only the maximum instantaneous
rain rate of a cell with limited duration is reported. In the
simulations, a statistically steady state can be established
that, by definition, is of infinite duration. Thus it is not
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possible to establish a one-to-one correspondence be-
tween observed and simulated rainfall peak R,,. How-
ever, we can compare different simulations to each other
and ask which produces the largest R,, for sounding var-
iations within the observed range of variability and thus
assess what conditions might have led to the largest rain
rates and presumably intense rainfall in the observed ca-
ses. Flooding, however, is a result of repeating rain cells
over a specific location; in the case of orographic pre-
cipitation, the distance from the mountain summit of the
maximum statistically steady rain rate, X,,,, is the appro-
priate datum for comparison with the observed region of
flooding rains.

a. Big Thompson

First we consider the Big Thompson Canyon (BIGT)
flood, which involved orographically forced convection
over the Rocky Mountains as discussed in Caracena et al.
(1979). The BIGT case was characterized by a strong
low-level easterly flow, oriented nearly normal to the
orography, that advected a very moist, conditionally un-
stable air mass toward the eastern side of Front Range of
the Rocky Mountains, about 40 km north of Boulder,
Colorado, on 31 July—1 August 1976 (Fig. 2). According
to Caracena et al. (1979), orographic uplift provided the
necessary destabilization to trigger convection, and a very
light upper-level southerly wind allowed the storm com-
plex to remain nearly stationary (Fig. 3). Heavy pre-
cipitation focused on a narrow corridor in the foothills,
producing devastating flash floods, while no intense pre-
cipitation occurred at higher elevations. At least 139
people were killed and property damage of about $35.5
million (U.S. dollars) occurred. A detailed analysis of
the synoptic conditions of the prestorm stage can be
found in Maddox et al. (1978).

1) EXPERIMENTS WITH U = CONST

In our preliminary attempts using the smoothed pro-
file reported in Yoshizaki and Ogura (1988), their Fig. 2a,
and the constant-wind U = 13 m s~ ', we found that the
rainfall rate (experiment BIGT1 in Table 1) was much
smaller than that indicated by the observations (Caracena
etal. 1979 calculated adjusted rainfall rates ~150 mm h™!
in the flooding area during the most intense part of the
storm). In a further attempt, we initialized the model with
the interpolated sounding (representative of upstream
conditions), shown in Caracena et al. (1979), their Fig. 5b,
and the constant-wind U = 10 m s~ ' (experiment BIGT2
in Table 1). Also in this case the rainfall rate was very
small.

However, that sounding contains several thermal in-
versions, which could prevent the triggering of convec-
tion, and very dry midlevels, which would produce overly
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FIG. 2. (top) Topography of the region affected by the Big Thompson flash flood. Terrain con-
tours (m MSL) are shaded. The arrow represents the low-level-flow direction. (bottom) The average
mountain profile in the area of maximum rainfall, between 40° and 40.6°N and from 106° to 105°W
(indicated with the dotted box in the top), is shown for sake of comparison with the idealized profile.

strong cold pools; thus, we decided to initialize the model
with our own smoothed profiles shown in Fig. 3. After
such simplifications, an idealized, smooth sounding, gen-
erated from the real profile, is used to test the theory. We
used U = 10 m s~ ', the average wind speed throughout
the vertical column, and a bell-shaped mountain with
h,, = 1800 m and a = 30 km (experiment BIGT3 in
Table 1). We also tested slight increases in the humidity
content between 800 and 700 hPa (experiment BIGT4
in Table 1 and dashed lines in Fig. 3) or a different
mountain shape [the same upstream width but with a
downstream width twice as large (experiment BIGTS)
and thus closer to the real mountain shape], but in all
cases the peak rainfall (approximately 10 mm h™') was
much smaller than observed.

Based on the findings in MR09 and MR10, we looked
for slight variations in the parameters U, h,,, and a (but
still reasonably close to those of the BIGT case) that
would produce stronger precipitation. As shown in Table 1,

the two simulations BIGT6 (U = 10 m s~ ') and BIGT7
(U =7m s ') belong to a region of large k,,/a and h,,/
LFC for small/intermediate 7,/7. (cf. MR10, their Fig. 3).
With respect to experiment BIGT3, these two experi-
ments had slightly increased rainfall, because of the
presence of deeper convective cells, and the peak is
shifted downstream. In particular, in experiment BIGT7,
a smaller wind speed produced a larger nondimensional
rainfall, although the changes in absolute precipitation
were relatively minor.

To evaluate how much the choice of the value of the
constant wind affected the rainfall rate, we performed three
additional experiments with exactly the same setup but
with the different wind speeds U = 5 m s, 10 m s~ ', and
17 m s~ ! (experiments BIGT9, BIGT10, and BIGT11). In
experiment BIGT9, a cold pool propagated far upstream
and no stationary rainfall was simulated above the moun-
tain. Both of the other two cases show results similar to
the previous experiments with uniform wind profiles;
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FIG. 3. The idealized profiles of temperature and dewpoint used
in our experiments BIGT3 and BIGT5-7 (solid, thick black lines)
and BIGT4 and BIGT8-12 (dashed, where not coincident with
the solid line, thick black lines). The bold (respectively, solid and
dashed) gray lines represent the pseudoadiabatic curves of a par-
cel lifted from the surface. The wind profiles used to initialize the
atmosphere in the experiments BIGT10 and BIGTS are shown on
the left side together with the ““observed” profile from Caracena
et al. (1979), their Fig. 5b (on the right). A long wind barb stands

for 10 m s~ ! and a small one for 5 m s~ .
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Figs. 4a,b illustrate the solution for the case BIGT10.
(The main difference between BIGT10 and BIGT11 is
the distribution of the precipitation, which is shifted
downstream in the latter case with stronger winds.)
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2) EXPERIMENTS WITH U = U(Z7)

Considering that the observations show an intense
low-level flow toward the mountains with weaker
across-mountain flow aloft, we decided to introduce
a similar wind profile in the initial condition. (Earth
rotation is not included in the model; otherwise,
a thermal wind balance should be prescribed in the
approaching flow, resulting in considerable compli-
cations; e.g., Davolio et al. 2009.) Using the same
thermodynamic sounding as in experiment BIGT10,
we initialized the model with a wind profile having U =
17 m s~ ! in the lowest four model levels (1500-2400 m)
and U = 0 m s~ ! above 4000 m (from level 11 above),
with a linear interpolation defining U(z) in between. The
presence of the low-level flow dramatically increases the
rainfall rate and the rainfall maximum is now located
farther upstream (experiment BIGTS8 in Table 1). Figures
4c,d show that this outcome is due to the presence of deep
convective cells on the upstream side of the mountain,
which are generated upstream as a consequence of lifting
induced by a deep cold pool (the presence of a cold air
pool caused by the evaporative cooling had been noted in
the simulations in Yoshizaki and Ogura 1988). The pres-
ence of a low-level flow and calm aloft thus appear to be
fundamental ingredients for the occurrence of larger
rainfall rates in the simulations of this case (as concluded/
hypothesized in observational studies).

The comparison of the constant-wind experiment
BIGT10 with the low-level-flow-only experiment BIGT8
in Fig. 4 shows that the two solutions have a completely
different behavior. In experiment BIGT10 (Fig. 4, top),
the wind field indicates the presence of a mountain wave
that warms the upper levels (by about 3 K, not shown)

TABLE 1. List of experiments relative to BIGT case. The simulations are identified with the name of the experiment; the values of U, A,,,,
a, CAPE, DCAPE, LFC, and N; the five nondimensional parameters identified in MR09 and MR10 [7,/7._h,,/a, h,,/LFC, (DCAPE)” 21U,
and NLFC/U]; and the values of the rainfall peak R,, and its location X,, are also shown together with the nondimensional parameters 10>

R,./pysU and X,,/a.

U h, a CAPE DCAPE LFC N R, X, 10°
Expt ms ' m km Jkg' Jkg' m s ' r/r. hula h,/LFC (DCAPE)" U NLFC/U mmh™! km R,/pU X,/a
BIGT1 13 1800 30 1550 920 1000 0.008 9.1 0.06 1.80 23 0.6 2 1 04 0.0
BIGT2 10 1800 30 2350 1020 2000 0.008 14.5 0.06  0.90 32 1.6 1 -8 02 -03
BIGT3 10 1800 30 2300 1013 1500 0.009 14.4 0.06 1.20 32 1.3 8 -6 18 -02
BIGT4 10 1800 30 2500 1017 1500 0.009 15.0 0.06 1.20 32 1.3 8 -6 18 -02
BIGT5 10 1800 30 2500 1017 1500 0.009 15.0 0.06 1.20 32 1.3 9 —-13 21 -04
BIGT6 10 2000 13 2300 1013 1500 0.009 62 0.15 1.33 32 1.3 10 13 23 1.0
BIGT7 7 2000 13 2300 1013 1500 0.009 89 0.15 133 45 1.8 8 4 26 0.3
BIGTS8 2000 30 2500 1017 1500 0.009 007 133 19  -19 -0.6
BIGT9 52000 30 2500 1017 1500 0.009 30.0 0.07 133 6.4 2.6 0 0.0
BIGT10 10 2000 30 2500 1017 1500 0.009 15.0 0.07 1.33 32 1.3 8 -8 18 -03
BIGT11 17 2000 30 2500 1017 1500 0.009 88 0.07 1.33 1.9 0.8 1 10 15 0.3
BIGT12 2000 30 2500 1017 1500 0.009 0.07 1.33 0
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FIG. 4. (left) Vertical cross sections of the y average of potential temperature perturbation (dark shaded areas), cloud
water plus ice content (light shaded areas), rainwater content (contour line for 0.2 X 10~ kg kg™ '), and wind vectors
(arrows) for experiments (a) BIGT10 and (c) BIGTS. The results are shown at the final integration time ¢ = 10 h. (right)
Hovmoller diagram of the y average of rain rate for experiments (b) BIGT10 and (d) BIGTS. The rain rate is calculated
every 1 h from ¢ = 0 tot = 10 h. The vertical lines represent the location of the ridge top and half width.

downstream and above the mountain, while experiment
BIGTS (Fig. 4, bottom) is characterized by a cold pool
remaining on the mountain with no mountain wave or,
at least, no strong descent in evidence. In the latter case,
the uplift induced by the cold pool, together with the
absence of upper-level advection, produces deep con-
vective cells and shifts the rainfall peak farther upstream.

To test the sensitivity of the solution to the value of
the low-level flow, experiment BIGT12 was done with
the same numerical setup as in experiment BIGTS, but
with U = 10 m s~ ' instead of U = 17 m s~ ' in the lower
layer. In this case, a cold pool propagated upstream and
thus no stationary rainfall occurred near the mountain.

Two main conclusions can be drawn from these sim-
ulations. First, our BIGT experiments with constant en-
vironmental wind seem to fit pretty well with the theory
developed in MR09 and MR10 (see Table 1). In fact,
experiments BIGT3, BIGT4, BIGTS, and BIGT10 show
stationary rainfall with moderate rainfall rates and slightly
upstream rainfall peaks (cf. the right side in MR09’s Figs.
15b and 16b); experiments BIGT6, BIGT7, and BIGT11
belong to a region of the parameter space characterized by
moderate/large (BIGT6 and BIGT7) or moderate/small

(BIGT11) downstream rainfall peaks (cf. MR10, their Fig.
3); and BIGTY corresponds correctly to a region of non-
stationary rainfall (MRO09, their Fig. 15c¢). The solution
response corresponding to the first two groups of experi-
ments is represented in Fig. 1c, while the last case is il-
lustrated in Fig. 1b. However, the estimated rainfall rates
for the BIGT case are small compared with observed
values.”

It appears that the inclusion of a low-level flow with
no flow aloft produces deeper convective cells and a
larger rainfall rate, and it puts the precipitation maxi-
mum on the upstream side of the mountain in this case.
However, experiment BIGT9 and BIGT12 show that the
low-level flow should be a proper combination of depth
and intensity in order to produce an increase in the pre-
cipitation rate; too weak a wind speed or too shallow
a layer of low-level flow does not stop the cold pool from
propagating away from the mountain. When the cold

2 However, here the maximum amount represents the longitu-
dinal average across the channel and not the rainfall associated
with a single system as in Caracena et al. (1979).
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FI1G. 5. As in Fig. 2 (with a different horizontal scale), but for the Oahu flood. The average mountain profile in the
area of maximum rainfall, between 21.5° and 21.6°N and from 158.1° to 157.8°W, is shown for sake of comparison with

the idealized profile.

pool is approximately balanced by the low-level flow,
the induced upwind lifting combined with the absence of
upper-level advection favors the generation of deep con-
vective cells and gives a dramatic increase in the rainfall
rate.

b. Oahu case

In this section we describe our simulations of the Oahu
(Hawaii) flood of 1974 (Schroeder 1977). This case was
chosen in order to explore rather different environmental
conditions in an area vulnerable to heavy-rain events
(Kodama and Barnes 1997; Lyman et al. 2005; among
others); the topography, characterized by very steep
slopes (Fig. 5), has different characteristic lengths from
that of the Rockies in the area of the Big Thompson flood,
and in contrast to the BIGT case, while the thunderstorms
initiated at the ridge, the flooding occurred downwind of
the ridge crest.

The flash floods caused by heavy thunderstorms on
the morning of 19 April 1974 resulted in five deaths and
$3.9 million property damage in the Hawaiian islands. A
peak rain rate of 114 mm in 1 h and a rainfall amount of
267 mm in 4 h was recorded on the northern side of the
island (Schroeder 1977).

Asin the BIGT case, the OAHU case is characterized
by persistent, moderate easterly low-level flow toward the
orography; however, we initially considered a sounding

with a constant-wind U = 10 m s~ '. This value is com-
parable to the mean across-mountain wind component,
calculated from the vertical profile below 500 hPa at
0200 local time (=UTC — 10 h), 19 April 1974, in
Schroeder (1977), his Fig. 5, and shown in Fig. 6.

We started our analysis by initializing the model with
the sounding from Lihue (21.98°N, 159.35°W; on the
eastern side of Kauai island, west-northwest of Oahu) at
1200 UTC 19 April 1974, downloaded from the Uni-
versity of Wyoming website (http://weather.uwyo.edu/
upperair/sounding.html). The sounding appeared to be
absolutely unstable; consequently, our numerical simu-
lation exhibited a large amount of convection everywhere
in the domain. T. Schroeder (2010, personal communi-
cation) was of the opinion that the original sounding was
not accurate.> Thus, we decided to initialize our model
with the sounding in Schroeder (1977), his Fig. 6, modified
by a slight smoothing (temperature and dewpoint tem-
perature represented by the dashed lines in Fig. 6). A bell-
shaped mountain with #,, = 1000 m and @ = 10 km
was used. Our numerical simulations indicated weak

3 “This is pure speculation but it may be possible that the
soundings were later adjusted ... I recall there was some ‘flap’
about humidity sensors on NWS sondes back in the 70’s...” (see
also Wade 1994).
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FIG. 6. The idealized profiles of temperature and dewpoint used
in our experiments OAHU4, OAHUS (solid, thick black lines),
and OAHUI1 (dashed, thick black lines) (the profiles for experi-
ments OAHU?2 and OAHU3 are a mixture of the two soundings;
see text). The bold gray line represents the pseudoadiabatic curve
of a parcel lifted from the surface in all experiments. The wind
profiles used to initialize the atmosphere in experiments OAHU4
and OAHUS are also shown on the left side of the figure together
with the observed sounding from Schroeder (1977), their Fig. 5 (on
the right).

precipitation compared to the observations (cf. exper-
iment OAHUI in Table 2 with the observed peak of
approximately 50-100 mm h~' during the period of the
most intense rainfall, as shown in Schroeder 1977, his
Fig. 8), while the maximum occurred slightly upstream
of the mountain crest instead of the observed down-
stream location. To see if small changes in the sounding
would produce larger rainfall rates, we removed the
thermal inversion from 600 to 450 hPa (solid-line tem-
perature profile with dashed-line dewpoint temperature
profile in Fig. 6), which also had the effect of slightly
increasing the value of CAPE (experiment OAHU?2 in
Table 2); again, the simulated convection was weak and
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the results from experiment OAHU1 were only margin-
ally changed.

Taking into consideration the uncertainties in the
humidity sounding, in the next experiment the dewpoint
was increased with respect to experiment OAHUI in
the layer from 950 to 600 hPa (experiment OAHU3 in
Table 2; dashed-line temperature profile with solid-line
dewpoint profile in Fig. 6). As a result, a much larger
rainfall rate (15 mm h™') was generated in the simula-
tion, while the maximum remained confined upstream of
the crest. Finally, when the modifications to both dew-
point and temperature were included in the sounding
(solid lines in Fig. 6; experiment OAHU4 in Table 2), the
precipitation rate did not change with respect to experi-
ment OAHU3, while the rainfall maximum moved above
the mountain crest.

To compare the model results with the theoretical
results in MR09 and MR10, we note that the present
simulations show a rainfall peak located mainly at the
ridge crest or slightly upstream, as in Fig. 1c, consistent
with MR10, their Fig. 2b (4,,/a = 0.10, h,,/LFC = 1.0-
1.25). Concerning the rainfall rate, the comparison is
more complex; however, the progressive increase of the
nondimensional rainfall in experiments OAHU1-4 with
increasing 7,/7. is consistent with the rightward shift of
the maximum nondimensional rainfall in going from
MRI10, their Fig. 2a (7,/7. = 3.3), to MR10, their Fig. 3a
(14T = 6.6).

As with the BIGT simulations, we have found that
a key factor in the OAHU case is the presence of low-
level flow toward the orography and relatively light cross-
barrier flow in the middle troposphere. Again, when we
considered a simulation with low-level flow and no flow
aloft, the precipitation rate was much larger (experiment
OAHUS in Table 2). The setup of experiment OAHUS
differs from experiment OAHU4 only in terms of the
wind profile: the wind speed is the same below 2900 m
(U =10 m s~ '), while above 4200 m it is equal to 0 (the
profile was derived from the observations of the upstream
across-mountain wind component); between 2900 and
4200 m, U(z) is determined by a linear interpolation. As
in the BIGT case the simulation with the above-described
wind profile U(z) increases the precipitation peak by

TABLE 2. As in Table 1, but for the OAHU case.

U h, a CAPE DCAPE LFC N R, X, 10°
Expt ms ' m km Jkg'! Jkg! m s 77 hyla h,/LEC (DCAPE)Y>U NLFC/U mmh™' km R,/pU X,la
OAHU1 10 1000 10 650 650 1000 0.008 2.5 0.10 1.00 25 0.8 5 -1 10 -01
OAHU2 10 1000 10 850 650 1000 0.008 2.9 0.10 1.00 2.5 0.8 4 -3 08 -03
OAHU3 10 1000 10 950 560 800 0.008 3.1 0.10 125 2.4 0.6 15 -3 30 —03
OAHU4 10 1000 10 1150 605 800 0.008 3.4 0.10 125 2.5 0.6 16 0 32 0.0
OAHUS5 1000 10 1150 605 800 0.008 010 125 34 8 0.8
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FIG. 7. As in Fig. 4, but for experiments (top) OAHU4 and (bottom) OAHUS. Rainwater content contour line is for
0.5x 107 kg kg™ ™.

a factor of more than 2 and it also shifts the simulated
peak to the downwind side of the ridge crest, which is in
better agreement with the observations.

Comparing simulations with U = const and with U =
U(z) in Fig. 7, one sees that the latter favors the vertical
development of convective cells (Figs. 7c,d), while in the
constant-wind case, Figs. 7a,b show that their vertical
extent is more confined. Compared to the BIGT case,
the cold pool in the U = U(z) case is weaker (limited
evaporative cooling was also noted in Schroeder 1977)
and confined downstream of the ridge. Also, the leeside
downward motion associated with the presence of a
mountain wave in the OAHU4 case (Figs. 7a,b) sup-
presses the rainfall there (cf. Smith et al. 2009) and thus
shifts the precipitation pattern upstream. As a conse-
quence, in experiment OAHUS the rainfall occurs down-
wind of the ridge crest, while in experiment OAHU4 the
main maximum is confined to a very limited area at the
ridge crest (and to a secondary maximum farther down-
stream associated with the “hydraulic jump” feature; see
MRO9, p. 1874). Finally, in experiment OAHUS the simu-
lated precipitation is more uniformly distributed along the
mountain with some weak bands upstream of the mountain
peak, while in experiment OAHU4 the rainfall is concen-
trated in banded features (Fig. 8), similar to those studied in
Kirshbaum et al. (2007a,b).

c. Gard

This case has been studied in several papers (Delrieu
et al. 2005; Davolio et al. 2006; Nuissier et al. 2008;
Ducrocq et al. 2008; Bresson et al. 2009; Davolio et al.
2009; among others). The area affected by the flood was

+10

-20 +20 km +40

El
5 10 20 30 mm h

F1G. 8. Rainfall rates simulated near the mountain in experi-
ments (a) OAHU4 and (b) OAHUS. The rainfall is calculated as
the hourly average from ¢ = 5 to t = 10 h. The vertical line rep-
resents the location of the ridge top.
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FIG. 9. Asin Fig. 2 (with a different horizontal scale), but for the Gard flash flood. The average mountain profile in
the area of maximum rainfall, between 3.4° and 3.9°E and from 43° to 45°N, is shown for sake of comparison with the

idealized profile.

Gard, France, in the Cévennes—Vivarais region. The latter
is characterized by a complex orography, the Cévennes
mountains, elongated for about 60 km from southwest to
northeast, with a maximum peak of about 1700 m (Fig. 9).

The 8-9 September 2002 flash flood resulted in 24 ca-
sualties and economic damage of about €1.2 billion. The
event was particularly remarkable for the spatial extent
of the rainfall, which was greater than 200 mm in 24 h
over 5500 km?, and its maximum daily values of 600—
700 mm, with a peak of 140 mm h ™' (Delrieu et al. 2005).
Most of the intense rainfall amount occurred slightly
upstream in connection with a quasi-stationary mesoscale
convective system.

The region was affected by a persistent moist and
warm low-level flow. However, the meteorological fea-
tures characterizing the event are significantly three di-
mensional, as the southerly flow from the Mediterranean
Sea, which affects the southern part of the region, interacts
with an easterly flow affecting its northern part (Nuissier
et al. 2008) in proximity of highly complicated three-
dimensional mountain barriers. Also, the situation is non-
stationary, as the episode underwent three distinct phases,
during which the large-scale circulation changed signifi-
cantly (among the other factors, a cold front crossed the
area from the west).

Thus, the limitations discussed in section 3 were
particularly severe for this case study. Nonetheless it is

desirable to know if some simplified set of physical factors
could contain the essence of the Gard event. Davolio et al.
(2009) conducted numerical experiments with the fol-
lowing simplification for the Gard case: an idealized 3D
orography with the horizontally homogeneous upstream
profiles computed by averaging the atmospheric variables
of the ECMWEF analyses over a domain of 2° X 2° up-
stream of the mountains at the “‘best initialization time”’
of 0600 UTC 8 September 2002. Bresson et al. (2009)
considered simplified longitudinally and vertically vary-
ing wind and moisture soundings but used the actual to-
pography of the region in their numerical experiments. In
our simplified framework, we initialized the model with
the sounding from Nimes (43.86°N, 4.40°E) at 1200 UTC
8 September 2002 (the same as that chosen in Bresson
et al. 2009), with a constant-wind speed U = 10 m s
(Fig. 10) and we used a bell-shaped mountain with 4,,, =
1500 m and @ = 30 km (experiment GARD1 in Table 3).

The result was a very small rainfall rate on the upstream
side of the obstacle. To compare the simulation with the
results shown in Bresson et al. (2009) (their simulation
with a uniform moisture distribution), we increased the
wind speed to U = 15m s~ ' (experiment GARD2 in
Table 3). Rainfall rate increases and the model results
(upstream quasi-stationary cells in Fig. 11a) qualitatively
resemble those shown in Bresson et al. (2009), their
Figs. 3 and 6. Moreover, both experiment GARD1 and
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FIG. 10. The idealized profiles of temperature and dewpoint used
in our experiments GARD1-5 (solid, thick black lines). The bold
gray line represents the pseudoadiabatic curve of a parcel lifted
from the surface. The wind profiles used to initialize the atmo-
sphere in the experiments GARD2 and GARD3 are also shown on
the left side together with the observed sounding from Delrieu
et al. (2005), their Fig. 5 (on the right).

o

experiment GARD? fit very well with MR10, their Fig.
2, as the corresponding points in the parameter space
belong to a region of relatively small nondimensional
rainfall (~1) and upstream location of the peak (Fig. 1c).

Motivated by the present experience with the BIGT and
OAHU simulations, we tested the role of a wind profile
U(z) by setting U = 15 m s~ ! below 3400 m and U =
0 above 5500 m, which reproduces the observed vertical
profile of the across-mountain wind component (ex-
periment GARD?3 in Table 3). Figure 11 compares the
constant-wind case experiment GARD?2 (top) with low-
level-flow-only case experiment GARD3 (bottom): sta-
tionary rainfall was simulated upstream of the mountain
in both cases, and the rainfall rate was similar in the two
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experiments (Table 3). A notable difference with respect
to the BIGT and OAHU simulations is that no cold pool
is generated (this is a consequence of the small values of
DCAPE) and relatively shallow convective cells. The
main change due to the wind profile U(z) is the removal
of the gravity wave structure in the upper levels above the
mountain (the wave structure is in evidence below
~5 km; see Fig. 11c). In contrast with the OAHU case,
along-flow rainbands are apparent in both experiment
GARD?2 and GARD3 (not shown); thus, we infer that
the development of deep convection with a cold pool
and the elimination of mountain waves are necessary in
order to remove the bands and makes the precipitation
more uniform in the along-mountain direction (consis-
tent with Kirshbaum et al. 2007a,b).

To look for an optimal wind configuration that could
significantly enhance the precipitation rate, additional
experiments with different wind profiles were performed.
For example, we set U = 15 m s~ ! below 2700 m and U =
0 above 4700 m (experiment GARD4 in Table 3)—that is,
slightly reducing the depth of the low-level jet with respect
to experiment GARD3—while in experiment GARDS
(Table 3) we initialized the model with the same wind
profile used in experiment OAHUS. However, none of
these simulations showed any relevant change in the
solution characteristics. Thus, our conclusion is that in
this low-CAPE/DCAPE case the presence of the low-
level flow with weak winds aloft does not significantly
affect the precipitation in our simplified numerical ex-
periments.

Davolio et al. (2009) found a response in the form of
an upwind propagating cold pool with convection trig-
gered at the leading edge. The sounding used by Davolio
et al. (the relative humidity is shown in their Fig. 1, be-
fore an increase of about 13% in specific humidity is ap-
plied to the boundary layer; the wind profile is shown in
their Fig. 2) appears rather different from the observed
profile we used, as the low-level-flow is much weaker
(about 5 m s~' of across-mountain component) and is
directed toward the mountain only in a shallow layer
(2000 m deep above the ground), while CAPE is larger
(1100 J kg~ '). A weaker U and larger CAPE corresponds
to a value of 7,/7. > 1, which favors the generation of an

TABLE 3. As in Table 1, but for the GARD case.

U h, a CAPE DCAPE LFC N R, X. 10°
Expt ms ' m km Jkg! Jkg! m s!' r/r. hya h,/LFC (DCAPE)"?/U NLFC/U mmh™' km R,/pU X,/a
GARD1 10 1500 30 180 200 1500 0.01 4.0 0.5 1.00 1.4 1.8 5 -19 10 -06
GARD2 15 1500 30 180 200 1500 0.01 2.7 0.05 1.00 0.9 12 8 —-10 11 -03
GARD3 1500 30 180 200 1500 0.01 0.05 1.00 11 -9 -0.3
GARD4 1500 30 180 200 1500 0.01 0.05  1.00 11 -16 -0.5
GARD5 1500 30 180 200 1500 0.01 0.05 1.00 8 —15 -0.5
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FIG. 11. As in Fig. 7, but for experiments (top) GARD2 and (bottom) GARD3.

upstream propagating cold pool (Fig. 1b). The discussion
following the BIGT case suggests that for an optimal
combination of depth and intensity of the low-level flow,
the cold pool can be approximately balanced and an in-
crease in the precipitation rate is produced. The sounding
proposed in Davolio et al. (2009) seems to satisfy such
conditions approximately, although with a slightly larger
cold pool propagation speed with respect to the environ-
mental wind speed. Finally, we used their thermodynamic
sounding within our simplified setup and we found (not
shown) effectively an upstream propagating cold pool
both for a constant-wind profile (U = 5m s~ ') and in
presence of a low-level jet with calm aloft (in the latter case
a larger rainfall was produced). Also, we noted a strong
sensitivity to the environmental wind speed (an approxi-
mate balance between the cold pool and the environ-
mental wind was simulated for a uniform wind profile with
U=7ms ).

4. Conclusions

In the present paper we examined several idealized
simulations relative to case studies of orographic convective
heavy rainfall, which were performed using a setup basi-
cally as that described in MR(9. Here we used a constant-
wind profile and profiles of temperature and humidity
representative of the observed upstream environmental

conditions, somehow different from the Weisman—
Klemp sounding used in our previous idealized studies.

We obtained results in line with the dimensional analysis
discussed in MR09 and MR10. However, with respect to
the observations, much smaller rainfall rates were simu-
lated and we found that the uniform wind profiles used to
initialize the model had to be modified in order to obtain
larger rainfall rates. Specifically we found that low-level
flow toward the mountain with weak wind aloft can double
simulated rain rates.

Our basic point of reference is the case of Big Thompson
flood. In this case, we considered a constant-wind profile,
and found that the simulated precipitation characteristics
agree fairly well with the theory developed in MR09-
MR10, but did not fit well with the observations. We tried
to modify different parameters in the thermodynamic
sounding by removing inversion layers or dry midlevels,
or making changes in low-level moisture within obser-
vational uncertainty, but we could not obtain anything
significantly different. A major difference came when we
considered a sounding with a low-level flow toward the
mountain and decreasing to zero aloft. With the latter
wind profile, the simulated precipitation is in the correct
location, upstream of the mountain ridge, and intense
(although much smaller than the observations). When
we considered the same wind profile but with a weaker
low-level flow, the simulation produced a cold pool
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propagating away from the mountain and, in that case,
no steady-state solution was obtained.

Other cases were then analyzed. The Oahu case showed
results basically consistent with the Big Thompson case. On
the other hand, for the Gard case, the wind variation with
height was not able to significantly intensify the rainfall. We
believe that this lack of influence of wind shear is due to
the very small CAPE, thus the convection is shallow and
the cell development cannot benefit for the weaker wind
aloft; also DCAPE is small, thus the cold pool simulated
in this simplified context, which in the other two cases
with wind shear was generally deep and remained con-
fined close to the mountain, was very weak. Other studies
of the Gard case (Davolio et al. 2009) using a sounding
with greater values of CAPE produced results more in
line with the Big Thompson and Oahu cases.

Although not reported on here, in an attempt to ex-
plore more general situations we analyzed two other
episodes of orographic convective rainfall. In one case,
we considered a sounding representative of heavy-rain
conditions over the south-facing (upstream) slopes of
the island of Hawaii (sounding in Lihue of 0000 UTC
19 November 2000; see Kodama and Barnes 1997). In
another case, we considered a sounding of 31 May 2008
from the Terrain-influenced Monsoon Rainfall Experi-
ment (TIMREX), which is a field program conducted in
the complex orography regions of southern Taiwan in
2008. In both cases, the low-level jet and calm aloft are
effective in more than doubling precipitation.

The larger rainfall in the simulations with a wind profile
U(z) can be attributed to two different factors: 1) con-
vective cells are deeper and stronger than those in the
constant-wind case and 2) cells are not moving with re-
spect to the mountain (this factor is usually mentioned in
observational studies); as the cells go up into upper layers
characterized by very weak wind, they are no longer ad-
vected with respect to the mountain and thus produce a
more stationary rainfall pattern.

In conclusion, the results of the present study show that
too few parameters were considered in our theory, as at
least wind variation with height needs to be considered.
The effect of the wind profile will be explored more
deeply in a following article where we will report on
experiments using the Weisman-Klemp sounding but
with shear profiles consistent with the present case-study
simulations.
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